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Abstract 30 

We investigated changes in the chemical characteristics of evaporating seawater 31 

under the influence of microbial activity by conducting geochemical analyses of the 32 

brines and evaporite sediments collected from solar salterns in Trapani, Italy. The 33 

microbial activity had a substantial effect on the carbonate system parameters. 34 

Dissolved inorganic carbon (DIC) was substantially removed from the brine during the 35 

course of evaporation from the seawater to the point where calcium carbonate 36 



precipitates, with an accompanying decrease in its carbon isotopic composition 37 

(δ
13

CDIC) to as low as –10.6‰. Although the removal of DIC was due to calcium 38 

carbonate precipitation, photosynthesis, and the degassing of CO2(aq) induced by 39 

evaporation, the presence of 
13

C-depleted δ
13

CDIC in ponds where calcium carbonate 40 

precipitates can be attributed to the dissolution of atmospheric CO2 because of intensive 41 

CO2(aq) uptake by photosynthesis, and/or mineralization of organic matter by sulfate 42 

reduction. In contrast, δ
13

CDIC increased up to 7.2‰ in the salinity range where halite 43 

precipitates, which can be ascribed to the domination of the effect of degassing of 44 

CO2(aq) under conditions with reduced microbial activity. A gradual decrease in 45 

microbial activity was also reflected in compound-specific δ
13

C of photosynthetic 46 

pigments; isotopic fractionation associated with DIC assimilation increased linearly as 47 

the evaporation proceeded, indicating DIC-limited conditions within the microbial mats 48 

and gypsum crusts because of restricted DIC diffusion from the overlying brine and/or 49 

suppression of primary production at higher salinity. 50 

 51 

1. INTRODUCTION 52 

Salinity is one of the most critical environmental factors determining habitability of 53 

aquatic environment. Although salinity is potentially a strong limiting factor for 54 



habitability, hypersaline environments are populated by a surprising diversity of 55 

microorganisms, especially in shallow settings, where benthic microbial mats form (e.g. 56 

Oren, 2002; Ley et al., 2006; Oren et al., 2009). It therefore follows that various 57 

biological processes are actively operating in the shallow hypersaline environment, 58 

strongly influencing the biogeochemical cycles and chemical characteristics of the 59 

system. In addition, seawater evaporation induces transitions in the state and 60 

composition of the microbial community through changes in various environmental 61 

factors (salinity, temperature, pH, light conditions, etc.). These changes result in 62 

modifications of the biological processes, which in turn strongly affect the environment. 63 

For these reasons, the chemical characteristics of the evaporating seawater are 64 

determined not only by physical and chemical processes induced by evaporation, but 65 

also by biological processes within the system. In this study, we focused on the solar 66 

salterns of Trapani (Sicily, Italy) to increase our understanding of the mutual interaction 67 

between physical, chemical, and biological processes with increasing salinity in 68 

hypersaline environment. 69 

Solar salterns consist of a series of shallow ponds, normally less than 1 m deep, 70 

affording a large surface area for evaporation, with salinity increasing from seawater up 71 

to the saturation point of halite (NaCl). Different types of evaporite minerals precipitate 72 



on the bottom of the ponds according to the degree of evaporation (Logan, 1987; 73 

Geisler-Cussey, 1997). Calcium carbonate (CaCO3, calcite or aragonite) starts to 74 

precipitate in ponds in which the evaporation of the original seawater exceeds 50%. 75 

When over 80% of the original seawater has been removed by evaporation, gypsum 76 

(CaSO4·2H2O) starts to precipitate. Benthic microbial mats usually form in the salinity 77 

range within which calcium carbonate and gypsum precipitate. Halite starts to 78 

precipitate when evaporation exceeds 90% of the original seawater. Various K-Mg salts 79 

precipitate after halite. There is no benthic microbial community in these highly 80 

evaporated ponds, but there are planktonic microorganisms in halite crystallizer ponds 81 

(e.g. Antón et al., 2000; Řeháková et al., 2009). The evaporation changes not only the 82 

chemical composition but also the physical properties of the brine: e.g., it decreases the 83 

solubility and diffusion of dissolved inorganic carbon (DIC; Raven, 1991) and changes 84 

the activity coefficients of ions through increasing ionic strength (Karcz and Zak, 1987). 85 

One particular characteristic of these shallow hypersaline environment is the 86 

formation of a highly productive microbial mat. The hypersaline microbial mats formed 87 

at the bottom of the ponds are inhabited by highly diverse groups of microorganisms: 88 

cyanobacteria (e.g., Green et al., 2008), chemotrophic and phototrophic sulfur-oxidizing 89 

bacteria (e.g., Ollivier et al., 1994; Imhoff, 2001), and sulfate-reducing bacteria (e.g., 90 



Canfield and Des Marais, 1993; Risatti et al., 1994; Teske et al., 1998; Baumgartner et 91 

al., 2006). These groups are dominant in many of the hypersaline microbial mats at 92 

various sites, and together with less abundant but highly diverse groups of 93 

microorganisms they form a complex community structure. This extreme diversity is 94 

produced by the broad niche space provided by the light gradient and varying chemical 95 

conditions within the mat, which itself is modified by biological processes of the 96 

microorganisms (Ley et al., 2006). 97 

Carbon, sulfur, and oxygen cycles within the mat clearly illustrate the mutual 98 

interaction among the microbial communities via biological modification of the 99 

chemical conditions (Van Gemerden, 1993). For example, primary production by 100 

photoautotrophs generates the organic carbon that fuels the entire ecosystem, but at the 101 

same time releases oxygen, which is toxic to anaerobes. The fixed carbon is degraded 102 

by fermenters and mineralized to DIC by heterotrophs, sulfate-reducing bacteria and, in 103 

some cases, methanogens (e.g., Van Gemerden, 1993, Orphan et al., 2008). This 104 

efficient recycling of carbon inside the mat accounts in part for its high primary 105 

productivity (e.g., Canfield and Des Marais, 1993; Des Marais, 2003; Kovač, 2009). On 106 

the other hand, sulfide produced by sulfate reduction is toxic to aerobic microorganisms, 107 

but is oxidized back to sulfate, biotically by chemotrophic and phototrophic sulfur 108 



bacteria and abiotically by oxygen produced during photosynthesis (e.g., Revsbech et al., 109 

1983; Fründ and Cohen, 1992; Canfield and Des Marais, 1993). The activity of these 110 

biological processes fluctuates on a daily cycle controlled by light availability (e.g., 111 

Canfield and Des Marais, 1993). 112 

Because most hypersaline evaporative settings in natural environments harbor a 113 

microbial community, it is of critical importance to understand the responses of 114 

biological processes to increasing salinity. As described above, the physical and 115 

biological processes associated with the evaporation of seawater have the potential to 116 

affect essential elements such as carbon, nitrogen, oxygen, and sulfur. Here, we 117 

specifically focus on changes in the carbonate system, which constitutes a fundamental 118 

part of the biogeochemical cycle. The amount and chemical form of DIC, which is a 119 

resource for autotrophs, play a key role in biological processes. DIC concentrations in 120 

continental aquatic systems are maintained by water–atmosphere CO2 exchange, 121 

precipitation and dissolution of minerals, photosynthesis, respiration, and external 122 

inputs such as soil CO2 (e.g., Lazar and Erez, 1992). The carbon cycle in the ocean, 123 

which has the largest reservoir of DIC, also affects continental aquatic systems by 124 

controlling the atmospheric CO2 level. There are distinct inorganic and biological 125 

controls on the carbon budget and the relative proportions of the three major dissolved 126 



carbon forms—aqueous carbon dioxide (CO2(aq)), bicarbonate (HCO3
–
), and carbonate 127 

ion (CO3
2–

)—in an aquatic system. Thus, the interplay between changes in precipitating 128 

salts and microbial communities is key to understanding the changes in the carbonate 129 

system during evaporative concentration processes. 130 

Here, we focus on the water chemistry as well as on the concentration and isotope 131 

signature of DIC in salterns, with the aim of gaining a comprehensive understanding of 132 

carbon dynamics in the shallow hypersaline environment. We also investigate changes 133 

in primary productivity along the salinity gradient by performing a compound-specific 134 

isotope analysis of photosynthetic pigments. We expect the resulting insights to also be 135 

beneficial as basic information for understanding the massive evaporation events known 136 

to have occurred repeatedly worldwide in the geological past (e.g., Hay et al., 2006; 137 

Warren, 2010). 138 

 139 

2. MATERIALS AND METHODS 140 

2.1. Study site 141 

We studied three commercial solar salterns located in Trapani (Western Sicily, Italy): 142 

the Sosalt (SS), Culcasi (CU), and Chiusicella (CH) salterns (Fig. 1). These solar 143 

salterns, each consisting of multiple ponds with different salinities, differ in scale; 144 



Sosalt is the largest, with a total surface area of 800 ha and an annual production of salt 145 

reaching 1 × 10
5
 tons, and Chiusicella is the smallest in both surface area (7 ha) and 146 

number of ponds. 147 

Progressively increasing salinities characterize each series of ponds, and the 148 

corresponding evaporite minerals that precipitate at the bottom. The ponds where 149 

calcium carbonate precipitates (carbonate ponds) are characterized by the formation of a 150 

dense benthic microbial mat. This microbial mat consists of a slimy layer a few 151 

millimeters thick, which is composed of thin yellow, green, and pink layers on the 152 

surface, and black, loose deposits buried underneath (Fig. 2a, b). The gypsum ponds 153 

have a thick layer of gypsum precipitates, which consists of striking stratified solid 154 

layers of different colors—yellowish transparent, green, and pink layers, from the 155 

surface of the precipitate to a depth averaging around 5 cm—with loose black deposits 156 

below (Fig. 2c, d). Large halite crystals (Fig. 2e, f) form in the subsequent halite ponds. 157 

There are apparently no benthic microbial communities in the halite ponds. 158 

 159 

2.2. Sampling protocols 160 

Normal seawater, brine, and deposits in the ponds were collected during the daytime 161 

in September 2015 (Table 1). Seawater and brine samples were collected in 100-mL 162 



polyacrylonitrile (PAN) bottles. Those samples collected for the measurement of total 163 

alkalinity (TA), DIC concentration, and DIC carbon isotopic composition (δ
13

CDIC) were 164 

immediately poisoned with 200 µL of saturated HgCl2 solution to prevent further 165 

biological activity. The lid was closed without headspace until the analysis to prevent 166 

further gas exchange with the atmosphere. The temperature and pH of brine and 167 

seawater were measured in situ using a pH meter with a combination electrode 168 

(GST-5741C; DKK-TOA Corporation, Tokyo, Japan). The effect of temperature on pH 169 

was calibrated using the equation of Gieskes (1969). The pH values are given using the 170 

seawater hydrogen ion (SWS) scale. Brine and seawater samples were kept cool in a 171 

refrigerator until analysis. 172 

Samples of pond deposits were collected by hand or by using a hammer and chisel. 173 

Microbial mats were collected from three ponds (SS-3, CU-1, and CU-2); small gypsum 174 

crystals were found in the deposits from SS-3. Gypsum crusts were collected from three 175 

ponds (SS-1, SS-2, and CH-1), and halite crystals from two ponds (SS-4 and CU-5). 176 

Samples were stored in a freezer until analysis. 177 

 178 

2.3. Brine and seawater sample analysis 179 

2.3.1. Salinity 180 



Salinity was measured by using a digital laboratory salinometer at the National 181 

Institute of Advanced Industrial Science and Technology, Japan (AIST) (Digi-Auto 182 

model 5, Tsurumi-Seiki Co., Kanagawa, Japan). Standard seawater (International 183 

Association for the Physical Sciences of the Ocean [IAPSO]) was used as a reference. 184 

Analytical precision was within ±0.01 salinity unit. 185 

 186 

2.3.2. Ion concentrations 187 

Brine samples were diluted on a weight basis with ultrapure water prior to analysis. 188 

Concentrations of Na
+
, Mg

2+
, and K

+
 were measured by ion chromatography at the 189 

Japan Agency for Marine-Earth Science and Technology (JAMSTEC) (Dionex 190 

ICS-1600, Thermo Fisher Scientific, Inc., Waltham, Massachusetts, USA), as were Cl
–
, 191 

Br
–
, and SO4

2–
 (Dionex ICS-2100, Thermo Fisher Scientific, Inc.). Elemental boron (B) 192 

and Ca
2+

 were measured using inductively coupled plasma-optical emission 193 

spectrometry at JAMSTEC (ICP-OES, SII SPS5510, SII NanoTechnology Inc., Chiba, 194 

Japan). The analytical precisions (±2σ) of replicate measurements were within ±2% for 195 

Na
+
 and Cl

–
, and ±10% for the other elements. 196 

 197 

2.3.3. Total alkalinity 198 



Total alkalinity was measured using a total alkalinity titrator at AIST (ATT-05, 199 

Kimoto Electric Co., Osaka, Japan). Samples were titrated with 0.1 mol L
–1

 HCl, and 200 

TA was calculated by the Gran method. Samples collected from CH-1, SS-4, and CU-5 201 

were diluted on a weight basis with ultrapure water prior to the measurement. The 202 

analytical precision of replicate measurements was within ±1.5%. 203 

 204 

2.3.4. DIC concentration and carbon isotopic composition 205 

For measurement of DIC, brine samples (10–50 mL) were transferred to a glass vial, 206 

and the air inside was completely evacuated using a high-vacuum glass line. Next, the 207 

samples were reacted with H3PO4 and left for 12 h so that DIC was completely 208 

converted to CO2 gas. The evolved gas was then introduced into a high-vacuum glass 209 

line and separated cryogenically. The gas pressure in the glass line was recorded and 210 

converted to DIC concentration. The precision of the DIC measurement was within 211 

0.3%. Afterwards, the purified CO2 gas was introduced into an isotope-ratio mass 212 

spectrometer (Delta Plus XL, Thermo Fisher Scientific, Inc.) to measure the carbon 213 

isotopic composition of the DIC. Isotopic compositions are expressed as conventional 214 

δ
13

C relative to Vienna Pee Dee Belemnite. The analytical precision was within 0.1‰. 215 

 216 



2.4. Deposit sample analyses 217 

2.4.1. Carbon isotopic composition of sediment TOC 218 

Sediment samples collected from the bottom of the ponds were subsampled for 219 

measurement of δ
13

C of organic matter (δ
13

CTOC). Samples collected from the carbonate 220 

ponds were separated into two parts: the upper slimy layer and the loose black deposit 221 

underneath (Fig. 2b). The gypsum crusts were separated into four parts: the yellowish 222 

transparent, green, and pink gypsum layers, and the loose black deposits below (Fig. 2d). 223 

Subsampled deposits were freeze-dried and ground to powder. Together with ground 224 

halite samples, they were transferred to pre-cleaned smooth-wall tin capsules and 225 

treated with 0.1 mol L
–1

 HCl to remove CaCO3. After the samples were dried they were 226 

analyzed for δ
13

CTOC at JAMSTEC using a modified Flash EA1112 automatic elemental 227 

analyzer connected to a Thermo Finnigan Delta plus XP isotope ratio mass spectrometer 228 

(IRMS) via a ConFlo III Interface (Ogawa et al., 2010). Isotopic compositions are 229 

expressed as conventional δ
13

C values relative to Vienna Pee Dee Belemnite. The 230 

analytical precision was within 0.3‰. 231 

 232 

2.4.2. Compound-specific pigment isotopic composition 233 

The surface deposits from CU-1 and SS-3 (microbial mat), the yellowish transparent, 234 



green, and pink layers from SS-1 and CH-1 (gypsum crust), and halite crystals from 235 

SS-4 and CU-5 were analyzed for compound-specific isotope compositions of pigments. 236 

First, the deposits were freeze-dried and ground to powder. Organic matter was 237 

extracted with acetone three times by sonication for 15 min in an ultrasonic ice bath. 238 

The acetone fraction was then extracted with n-hexane three times. The n-hexane 239 

fraction was dried completely under N2 gas and dissolved in 100 µL of 240 

N,N-dimethylformamide for high-performance liquid chromatography (HPLC) injection. 241 

All procedures were carried out in a dark room. 242 

Pigment isolation and purification was accomplished using dual step HPLC. The 243 

HPLC system comprised a binary pump (G1312B; Agilent, Santa Clara, California, 244 

USA), an on-line degasser (G1379B; Agilent), an autosampler (G1367C; Agilent), a 245 

column temperature controller (Cool Pocket Column Chiller; Thermo Fisher Scientific), 246 

an on-line photodiode-array detector (G4212B; Agilent), and a fraction collector 247 

(G1364C; Agilent). The pigments were isolated using an Agilent Zorbax Eclipse XDB 248 

C-18 column (4.6 mm × 250 mm; 5-μm silica particle size) with a guard column (4.6 249 

mm × 12.5 mm; 5-μm silica particle size). The pigments were eluted isocratically with 250 

75% acetonitrile:pyridine (100:0.5, v/v) and 25% ethyl acetate:pyridine (100:0.5, v/v) 251 

for 5 min, followed by a linear gradient of ethyl acetate:pyridine to 50% over 50 min. 252 



The flow rate was set to 1 mL min
−1

 and the column temperature to 30 °C. Pigments 253 

were detected by the photodiode-array detector. The structure assignment of each 254 

compound was accomplished by comparing the photo-absorption spectra and the 255 

retention times with those of authentic standards. Chlorophyll a (Chl a), 256 

bacteriochlorophyll a (BChl a), and β-carotene were collected using the fraction 257 

collector. We carefully collected the entire peak for each compound to avoid analytical 258 

isotopic fractionation. 259 

The collected pigments were dried completely under argon gas. Prior to the second 260 

HPLC purification step, Chl a and BChl a were dissolved in 1.5 mL hexane and reacted 261 

with 2 mol L
–1

 HCl to converted them to pheophytin a (Pheo a) and bacteriopheophytin 262 

a (BPheo a), respectively. The hexane fraction was collected and dried completely 263 

under argon gas, and dissolved in 100 µL of N,N-dimethylformamide for HPLC 264 

injection. The column used for second purification step was an Agilent Zorbax Eclipse 265 

PAH column (4.6 mm × 250 mm; 5-μm particle size). Pigments were eluted 266 

isocratically with 80% acetonitrile:pyridine (100:0.5, v/v) and 20% ethyl 267 

acetate:pyridine (100:0.5, v/v) for 5 min, followed by a linear gradient of ethyl 268 

acetate:pyridine to 60% over 25 min, and a linear gradient of ethyl acetate:pyridine to 269 

100% over 10 min. The flow rate was set to 1 mL min
−1

 and the column temperature to 270 



15 °C. 271 

The stable carbon isotopic compositions of the pigments were measured using a 272 

modified EA/IRMS (Ogawa et al., 2010). Purified pigments were dissolved in 273 

dichloromethane, transferred to pre-cleaned smooth-wall tin capsules, and dried before 274 

analysis. The analytical precisions were within 0.3‰ for Chl a and BChl a, and 0.6‰ 275 

for β-carotene. 276 

 277 

3. RESULTS 278 

Data from the brine sample analyses are summarized in Tables 1 and S1. The brines 279 

in the solar salterns originate from seawater from the same region, and precipitation of 280 

evaporites is the major process occurring within the salterns. Thus, we report and 281 

discuss the data from different solar salterns together, under the assumption that the 282 

biological processes in the three systems are comparable. We did not determine the 283 

salinity or the concentration of Na
+
 and Cl

–
 of the brine samples collected from the 284 

ponds with higher salinities (CH-1, SS-4, and CU-5) because halite crystals precipitated 285 

in the sample bottles after the samples were collected. 286 

 287 

3.1. Variations in concentrations of inorganic elements 288 



The concentrations of solutes in the brines are determined mainly by condensation 289 

due to evaporation, removal by precipitation of evaporite minerals, and the effects of 290 

biological activity. One way to determine the behavior of the solutes is to normalize 291 

their concentrations by the degree of evaporation (DE; e.g., Babel and Schreiber, 2014). 292 

The DE of the brine can be estimated from the concentrations of the solutes that behave 293 

conservatively upon evaporation. In the salinity range of our samples, Mg
2+

, K
+
, Br

–
, 294 

and B behave as conservative solutes. Here, we estimated the DE of each brine sample 295 

from the Mg
2+

 concentration as follows: 296 

DEMg = 
  g rine

2  

  g
seawater
2  

 297 

where   g
seawater

2   and   g
 rine

2   are the molar concentrations of Mg ions in the 298 

seawater and brine samples, respectively. Normalization of the solute concentrations by 299 

DEMg cancels out the effect of condensation due to evaporation, therefore allowing the 300 

examination of the addition or removal of solutes to or from the brine. 301 

The composition of the major ions in the sample of seawater (CU-0), which is the 302 

source of the brines in the solar salterns studied, was comparable to that reported for 303 

average modern seawater (Babel and Schreiber, 2014). The major evaporite minerals 304 

precipitated from seawater in the salinity range of our samples are calcium carbonate, 305 

gypsum, and halite. Accordingly, ions such as Ca
2+

, HCO3
–
, SO4

2–
, Na

+
, and Cl

–
 are 306 



removed sequentially from the seawater (Fig. S1, Table S1). To evaluate the process of 307 

the precipitation of evaporites in the Trapani solar salterns, we compared our results 308 

with computer-modeled concentration curves, which are calculated by assuming an 309 

absence of biological activity. Specifically, we compared our data with the calculations 310 

of Timofeeff et al. (2001), in which the back-reaction between the brine and evaporites 311 

is inhibited to simulate more realistically the evaporation process in solar salterns. 312 

Major ions plotted against each other lie on the line of the modeled evaporation curves 313 

(Fig. 3), indicating that, for these major ions, seawater in the solar salterns apparently 314 

follows an evaporation path with no influence from biological activity. 315 

 316 

3.2. Variations in carbonate system parameters 317 

DIC concentrations decreased from the seawater value of 2.04 mmol L
–1

 to 1.00 318 

mmol L
–1

 in the carbonate ponds, and then increased to 5.95 mmol L
–1

 in the halite 319 

ponds (Fig. 4, Table 1). When normalized by DEMg, there was a sharp drop from 320 

seawater to the carbonate ponds. Variations in [DIC]/DEMg were relatively small in the 321 

subsequent ponds. TA increased progressively from the seawater value of 2.68 mmol 322 

L
–1

 to as high as 21.1 mmol L
–1

 in the halite pond. In highly evaporated brine, a 323 

substantial portion of TA originates from boric acid (Golan et al., 2016), which behaves 324 



conservatively upon evaporation. Variations in [TA]/DEMg followed the same trend as 325 

that of [DIC]/DEMg because increases in TA due to accumulating boric acid are canceled 326 

out upon normalization. Similar variations in DIC and TA along a salinity gradient have 327 

been reported in the solar saltern of Eilat, Israel (Lazar and Erez, 1992). 328 

Interestingly, δ
13

CDIC was highly variable during the course of evaporation (Fig. 4). It 329 

decreased substantially from the seawater value of 2.2‰ and remained low through the 330 

gypsum ponds, with a minimum of –10.6‰. There was subsequently a substantial 331 

increase in the halite ponds to the highest value of 7.2‰ (DEMg = 22.0). Lazar and Erez 332 

(1992) also reported this pattern of variation in δ
13

CDIC with increasing salinity. 333 

Seawater pH measured at the intake of the pond system was 8.2 and increased to 8.5 334 

in the carbonate ponds in which there was a microbial mat (Fig. 4). It then decreased 335 

gradually to reach 7.2 in the halite ponds. This characteristic pattern is commonly 336 

observed in evaporating seawater brine (Babel and Schreiber, 2014), and it has been 337 

confirmed that this pattern is not an artifact from a liquid junction error in the glass pH 338 

electrode in the concentrated solution (Sass and Ben-Yaakov, 1977). In experimentally 339 

evaporated seawater, there is a continuous decrease in pH from seawater to the point 340 

where DEMg is around 6.7 (Lazar et al., 1983). Therefore, the increase in pH that we 341 

observed up to the carbonate ponds may be due to biological processes such as CO2(aq) 342 



uptake for photosynthesis. Several possible mechanisms have been proposed for 343 

explaining the decrease in pH in the subsequent evaporation stages (e.g. Krumgalz, 344 

1980; Nadler and Magaritz, 1980; McCaffrey et al., 1987). 345 

 346 

3.3. Organic carbon isotopic composition (
13

CTOC) of deposits 347 

Values of δ
13

CTOC were high compared to the values in normal marine settings, and 348 

decreased from a maximum of –8.6‰ in the carbonate ponds to a minimum of –22.7‰ 349 

in the halite ponds (Fig. 5, Table S2). The differences  etween δ
13

CTOC and δ
13

CDIC 350 

increased as the salinity increased. Depth profiles of δ
13

CTOC do not show any common 351 

trends among ponds (Fig. 6, Table S2). The lack of a common trend may be because the 352 

isotopic signals of organisms living in the lower layers of the deposits are superimposed 353 

on the signals of upper-layer organisms, reflecting the fact that the lower-layer deposits 354 

consist of upper-layer deposits that subsequently became buried and then occupied by 355 

lower-layer dwellers. This preservation of the original mat-surface δ
13

C signature in 356 

deeper layers has been reported previously (e.g., Des Marais et al., 1992). 357 

 358 

3.4. Distribution of pigments and their carbon isotopic composition 359 

The distribution of pigments was similar for the same types of samples from different 360 



solar salterns. Therefore, only representative chromatograms are shown: from the 361 

surface slimy layer of the microbial mats in the carbonate ponds, from the yellowish 362 

transparent, green, and pink layers of the gypsum crusts in the gypsum ponds, and from 363 

the halite crystals in the halite ponds (Fig. S2). 364 

The major pigments detected in the surface slimy layer of the carbonate ponds were 365 

the Chl a series, the BChl a series, and various carotenoids. The Chl a series includes 366 

Chl a and its degradation products, Pheo a and pyropheophytin a (PPheo a). The BChl a 367 

series includes BChl a and its degradation products, BPheo a and 368 

bacteriopyropheophytin a (BPPheo a). Among the various carotenoids detected, the 369 

peaks with a retention time around 23 min were identified as β-carotene and its 370 

degradation products (β-carotene series), based on a comparison with the authentic 371 

standard. The relative concentrations of the original pigments (i.e., Chl a and BChl a) 372 

were substantially higher than their counterpart degradation products. We measured the 373 

δ
13

C of Chl a, BChl a, and β-carotene. 374 

In the gypsum crust, the main pigments in the yellowish transparent layer and the 375 

green layer were the Chl a series and smaller peaks of carotenoids, including the 376 

β-carotene series. The pink layer contained Chl a, BChl a, and the β-carotene series, 377 

with BChl a highest in concentration. The Chl a in the pink layer was probably 378 



originally from the cyanobacteria or algae in the upper yellowish and green layers, 379 

because they migrate upward as the photic and oxic zones moves upward with the 380 

growth of the gypsum crust. We therefore measured δ
13

C of Chl a in the yellowish 381 

transparent layer and the green layer, which is dominated by cyanobacteria and algae, 382 

and BChl a in the pink layer dominated by purple sulfur bacteria. We also measured 383 

δ
13
C of β-carotene in the yellowish transparent layer of the gypsum crust. 384 

The pigment distribution in the halite crystals from the halite ponds was completely 385 

different from that in the carbonate and gypsum ponds, with the β-carotene series in 386 

highest concentrations and extremely low Chl a concentrations. Because there was not 387 

enough Chl a for isotopic measurement, we determined δ
13

C of only the β-carotene 388 

series in halite samples. 389 

The depth variations of pigment δ
13

C values showed similar patterns in all ponds: 390 

δ
13

C of BChl a was lower than that of Chl a in both microbial mats and gypsum crusts 391 

(Fig. 6, Table 2). In a comparison between ponds, the δ
13

C values of Chl a, BChl a, and 392 

β-carotene were highest in CU-1, at –11.5‰, –19.5‰ and –22.1‰, respectively (Fig. 5). 393 

The δ
13

C values of all pigments showed decreasing trends as evaporation proceeded, 394 

and reached minimum values of –20.6‰ and –26.3‰ in CH-1 for Chl a and BChl a, 395 

respectively, and –28.5‰ in CU-5 for β-carotene. The δ
13

CTOC of the surface sediment 396 



samples showed similar trends. 397 

We calculated an isotopic fractionation factor from the δ
13

CDIC in the surface brine 398 

and that of TOC, Chl a, and β-carotene: ε ≡ (Rorg/RDIC) × 1000 (‰), where Rorg is 399 

13
C/

12
C for TOC, Chl a, or β-carotene. We specifically used the δ

13
C of Chl a and 400 

β-carotene originating from the surface slimy layer of the microbial mats, the yellowish 401 

transparent layer from the gypsum crusts, and the halite crystals, which contain 402 

pigments derived from microorganisms assumed to assimilate DIC mainly from the 403 

surface brine. Overall, the values of ε were lower in the lower salinity ponds, and 404 

increased more or less linearly as evaporation proceeds (Fig. 5). Between TOC, Chl a, 405 

and β-carotene, ε of β-carotene was highest, ranging from 14.9‰ to 36.0‰, followed  y 406 

that of Chl a, ranging  etween 6.4‰ and 17.3‰, and the lowest, that of TOC, ranging 407 

from 3.5‰ to 30.2‰. 408 

We did not quantify the concentration of each pigment because of the somewhat 409 

patchy distribution of the colored layers on the pond bottoms. However, our rough 410 

estimates indicate that the concentrations of Chl a and BChl a were on the order of 411 

micrograms per gram of dry sediment for the microbial mat and the gypsum crust. 412 

 413 

4. DISCUSSION 414 



4.1. Changes in primary production with increasing salinity 415 

For estimating the primary productivity, the δ
13

C of pigments has an advantage over 416 

δ
13

CTOC because the pigments derive exclusively from photoautotrophs; thus, other 417 

factors such as heterotrophic activity, which potentially affects δ
13

CTOC, are excluded. 418 

Compound-specific isotope analysis of chlorophylls has been successfully used to 419 

improve understanding of modern and past biogeochemical cycles, especially in the 420 

euphotic zone (e.g., Sachs and Repeta, 1999; Ohkouchi et al., 2005; Kusch et al., 2010; 421 

Tyler et al., 2010; Isaji et al., 2015). 422 

Among the pigments measured in this study, Chl a and β-carotene are synthesized by 423 

aerobic photoautotrophs such as cyanobacteria and algae, and BChl a is produced by the 424 

purple sulfur bacteria present in the pink layer of the microbial mat. In solar salterns, 425 

both planktonic and benthic cyanobacteria and algae are generally present. In Spain, the 426 

reported concentrations of Chl a in the brine of a solar saltern were around 2–15 µg L
–1

 427 

(Joint et al., 2002). On the other hand, the concentrations of Chl a in the benthic 428 

deposits of the Trapani solar salterns were on the order of micrograms per gram of dry 429 

sediment, which is much higher than the concentration of the overlying brine reported 430 

in Joint et al. (2002). Although we did not measure the concentration of Chl a in the 431 

brine in this study, we speculate that the dominant primary producer is the benthic 432 



community in ponds where benthic microbial mat is formed. Chl a and β-carotene in the 433 

halite ponds probably originate from planktonic photoautotrophs, because these ponds 434 

contain no benthic microbial mat. Specifically, Dunaliella salina is the likely candidate, 435 

because this organism is known to be a dominant primary producer in halite ponds (e.g., 436 

Řeháková et al., 2009), and it also accumulates high amounts of β-carotene (Oren, 437 

2005). 438 

There are several possible factors that could account for the lower δ
13

C of BChl a 439 

compared to that of Chl a in the benthic community (Fig. 6). One is the difference in the 440 

source of DIC utilized by each photoautotroph. Because the purple sulfur bacteria 441 

inhabit the deeper layer of the mat, some proportion of DIC assimilated by them is 442 

supplied through mineralization of the organic matter within the mat. The values of 443 

δ
13

CTOC indicate that δ
13

C of the mineralized DIC is lower than that of DIC in the 444 

surface brine, because isotopic fractionation associated with degradation of organic 445 

matter is negligible (e.g., Meyers and Eadie, 1993). Another factor is the chemical 446 

species of DIC assimilated by the photoautotroph. Cyanobacteria are capable of 447 

assimilating HCO3
–
 through active transport (e.g., Kaplan et al., 1980; Badger and Price, 448 

2003). Because HCO3
–
 is enriched in 

13
C compared to CO2(aq)  y 8.4‰ under the 449 

temperature of 30 °C (Mook et al., 1974), active assimilation of HCO3
–
 by 450 



cyanobacteria may have resulted in the relatively high δ
13

C of Chl a. As for the purple 451 

sulfur bacteria, δ
13

C depletion in BChl a compared to Chl a has been reported from the 452 

saline meromictic Lake Kaiike in Japan (Ohkouchi et al., 2005). Because purple sulfur 453 

bacteria, cyanobacteria, and algae use identical biochemical pathways for carbon 454 

assimilation and chlorophyll biosynthesis, differences in their δ
13

C can be ascribed to 455 

physiological factors such as growth rate, cell size, or geometry (Pancost et al., 1997; 456 

Popp et al., 1998; Bidigare et al., 1999; Ohkouchi et al., 2008). 457 

The isotopic fractionation factor (ε) calculated from Chl a and β-carotene increased 458 

almost linearly with increasing salinity (Fig. 5). Because the source photoautotrophs of 459 

these pigments do not change substantially along the salinity gradient (i.e., 460 

cyanobacteria and/or algae), there are several possible explanations for this observation. 461 

The habitat of the photoautotrophs is one of the major factors controlling ε along the 462 

salinity gradient, because while planktonic photoautotrophs such as D. salina inhabiting 463 

the halite ponds can utilize DIC in the surface brine, benthic cyanobacteria and algae in 464 

the microbial mats and gypsum crusts utilize DIC that diffuses from the overlying brine. 465 

DIC diffusion into the benthic microbial mat can be limited by a diffusive boundary 466 

layer over the mat surface (Jørgensen, 1994b) or within the mat (Wieland et al., 2001). 467 

As for the gypsum crust, there is likely only limited exchange of brine through the pore 468 



water. These limits on diffusion could result in DIC-limited conditions inside the 469 

microbial mat, which is expressed as a relatively small ε without depletion of DIC in the 470 

overlying brine. Indeed, limited DIC diffusion into the microbial mat has also been 471 

considered as a possi le reason for relatively high δ
13

CTOC and therefore low values of ε 472 

(e.g., Des Marais and Canfield, 1994; Schouten et al., 2001). From this perspective, the 473 

relatively large ε in the halite ponds is because the habitat of the dominant 474 

photoautotroph, D. salina, is in the surface brine, where conditions are not DIC-limited. 475 

Another possi le factor controlling ε along the salinity gradient comes from the 476 

observation that ε increases when compared among ponds of the same type: the 477 

carbonate ponds (CU-1, SS-3), the gypsum ponds (SS-1, CH-1), and the halite ponds 478 

(SS-4, CU-5). The only exception is the decrease in ε calculated from δ
13
C of β-carotene 479 

in the carbonate ponds. If the diffusion rate of DIC into the mat or the crust does not 480 

change substantially with increasing salinity, then the increase in ε can  e interpreted as 481 

reflecting a lower proportion of DIC assimilated by photoautotrophs under the higher 482 

salinities. In other words, increasing salinity may have suppressed primary production. 483 

This suggestion is consistent with the findings of previous studies that photosynthesis 484 

decreases with increasing salinity (Oren, 2009) in microbial mats (e.g., Pinckney et al., 485 

1995; Wieland and Kühl, 2006) and gypsum crusts (e.g., Caumette et al., 1994, Canfield 486 



et al., 2004), as well as in the planktonic community of halite ponds (Joint et al., 2002). 487 

Salinity may directly control the primary productivity by affecting the physiology of 488 

photoautotrophs, or indirectly by affecting the elemental cycles of nutrients such as 489 

nitrogen, phosphorus, and iron. 490 

 491 

4.2. Effect of biological activities on the chemical evolution of evaporating seawater 492 

4.2.1. Influence of sulfate reduction on brine 493 

One of the highest rates of sulfate reduction known occurs in hypersaline microbial 494 

mats (Canfield and Des Marais, 1991). Sulfate reduction removes SO4
2–

 from brine by 495 

reduction to H2S or HS
–
 and subsequent precipitation as various metal sulfides (e.g., 496 

Wieland et al., 2005; Valdivieso-Ojeda et al., 2014). Although this process must have 497 

removed some portion of SO4
2–

 from the brine in this study, concentrations of SO4
2–

 498 

plotted against other major ions lie on the line of the ideal curve (Fig. 3). To evaluate the 499 

influence of the sulfate reduction in the brine, we roughly estimated the amount of 500 

sulfate removed on the basis of sulfate reduction rates in hypersaline microbial mats and 501 

gypsum crusts of the solar salterns of Guerrero Negro, Mexico (Canfield and Des 502 

Marais, 1991, 1993), Eilat, Israel (Fründ and Cohen, 1992; Jørgensen, 1994a; Canfield 503 

et al., 2004; Sørensen et al., 2004), and Salins-de-Giraud, France (Caumette et al., 1994). 504 



Assuming an average pond water depth of 50 cm, we calculated the amount of SO4
2–

 505 

reduced by 20 cm
2
 of the mat, which corresponds to 1 L of overlying brine. The 506 

calculated value varied substantially for both the microbial mats and the gypsum crusts; 507 

both varied between tens of micromoles to millimoles per liter per day. In contrast, the 508 

SO4
2–

 in the overlying brine in the Trapani solar salterns ranged from 79.2 to 233.2 509 

mmol L
–1

 from the carbonate to the gypsum ponds. 510 

Although sulfate reduction rates were not measured in the Trapani solar salterns, this 511 

rough estimation implies that sulfate reduction can influence the SO4
2–

 concentration of 512 

the brine if the reduction is on the order of millimoles per liter per day. The fact that the 513 

SO4
2–

 concentration tracks the ideal evaporation curve therefore indicates that SO4
2–

 is 514 

supplied by other processes to compensate any loss through reduction, or that the sulfate 515 

reduction rate in the Trapani solar salterns is low. One possible source of SO4
2–

 for the 516 

former explanation is oxidation of the reduced sulfur species by chemotrophic and 517 

phototrophic sulfur bacteria or by oxygen produced by photosynthesis in the upper layer 518 

of deposits and surface brine (e.g., Revsbech et al., 1983; Fründ and Cohen, 1992; 519 

Canfield and Des Marais, 1993). Note that decreases in SO4
2–

 and increases in total 520 

alkalinity (TA) are canceled out by sulfide oxidation, but increases in DIC are not. 521 

 522 



4.2.2. Effect of biological processes on the brine carbonate system 523 

In the shallow hypersaline environment where benthic microbial mats form, 524 

carbonate system parameters, i.e., DIC, TA, pH, and pCO2, are affected by various 525 

processes such as calcium carbonate precipitation and dissolution (equation 1 below), 526 

photosynthesis and respiration (Eq. 2), sulfate reduction (Eq. 3), sulfide oxidation (Eq. 527 

4), and CO2(g) exchange with the atmosphere. The following equations describe these 528 

processes. 529 

 530 

Ca
2+

 + 2HCO3
–
 ⇄ CaCO3(s) + CO2(g) + H2O        (1) 531 

106CO2 + 16HNO3 + H3PO4 + 122H2O ⇄ (CH2O)106(NH3)16(H3PO4) + 138O2    (2) 532 

SO4
2–

 + 2CH2O → HS
–
 + 2HCO3

–
 + H

+
         (3) 533 

HS
–
 + 2O2 → SO4

2–
 + H

+             
(4) 534 

 535 

Our values for [DIC]/DEMg and [TA]/DEMg indicate that DIC and TA are removed 536 

from the brine during the course of evaporation from the seawater to the carbonate 537 

ponds, accompanied by a su stantial drop in δ
13

CDIC (Fig. 4). In this salinity range, 538 

calcium carbonate precipitation is one of the major process affecting DIC 539 

concentrations, decreasing the δ
13

CDIC of the brine by preferentially removing 
13

C from 540 



DIC reservoirs. The typical enrichment factors for carbon isotope fractionation between 541 

calcium carbonate and DIC are +1.0‰ and +2.7‰ for calcite and aragonite, 542 

respectively (Romanek et al., 1992). Theoretically, the decrease in δ
13

CDIC in CU-1 from 543 

the seawater value of 2.2‰ to –5.1‰ could be reached if almost all DIC precipitated as 544 

calcium carbonate. However, calcium carbonate precipitation from seawater to DEMg = 545 

6.7 results in a TA loss of around 60% of the source seawater, in the absence of 546 

biological activity (Lazar et al., 1983). Therefore, calcium carbonate precipitation alone 547 

cannot explain the drop in δ
13

CDIC from 2.2‰ to –5.1‰ (from seawater to CU-1) or 548 

from –5.1‰ to –10.6‰ (from CU-1 to CU-2). 549 

Whereas DIC is affected by processes such as calcium carbonate precipitation and 550 

dissolution, photosynthesis and respiration, sulfate reduction, and CO2(g) exchange with 551 

the atmosphere, TA is primarily affected by precipitation and dissolution of calcium 552 

carbonate, sulfate reduction, and sulfide oxidation. We suggested in section 4.2.1 that 553 

the loss of SO4
2–

 through sulfate reduction was compensated for by sulfide oxidation, or 554 

that the rate of sulfate reduction was low. These observations implies that the net change 555 

in TA must have also been near zero. Cyanobacteria, the main photoautotroph in the 556 

hypersaline microbial mat, are capable of assimilating HCO3
–
 during photosynthesis 557 

(e.g., Kaplan et al., 1980; Badger and Price, 2003). This process does not affect TA, 558 



however, because they release OH
–
 when utilizing HCO3

–
 as the carbon source (e.g., 559 

Prins and Elzenga, 1989). 560 

On the basis of these observations, we calculated the amount of calcium carbonate 561 

precipitated from the changes in TA, taking the transition from CU-0 (seawater) to 562 

CU-1 (DE = 2.7) as the model case. It is calculated that 1.40 mmol L
–1

 of TA is lost 563 

from the seawater to CU-1. According to Eq. (1), the precipitation of one mole of 564 

calcium carbonate utilizes two moles of HCO3
–
 and releases one mole of CO2(g). The 565 

buffering effect of seawater reduces the actual amount of CO2(g) liberated to the 566 

atmosphere to around 0.6 mole per mole of calcium carbonate precipitated (Ware et al., 567 

1992; Frankignoulle et al., 1994). Under the assumption that this rule is applicable to 568 

the hypersaline solutions in saltern ponds, 1.40 mmol L
–1

 of TA loss is equivalent to the 569 

precipitation of 0.70 mmol L
–1

 calcium carbonate and production of 0.70 mmol L
–1

 of 570 

CO2(g), of which 0.28 mmol L
–1

 is re-dissolved into the solution, during the transition 571 

from seawater to the brine in CU-1. This results in a decrease of 1.12 mmol L
–1

 of DIC, 572 

because calcium carbonate precipitation decreases DIC and TA equally but the 573 

re-dissolution of CO2(g) increases only DIC. However, the actual decrease in DIC from 574 

CU-0 to CU-1 was 1.57 mmol L
–1

, according to the changes from seawater to CU-1. 575 

This value indicates that 0.45 mmol L
–1

 of DIC was lost by processes other than 576 



calcium carbonate precipitation (Fig. 7). 577 

There are several possible processes responsible for the loss of DIC other than 578 

calcium carbonate precipitation. One is carbon fixation by photoautotrophs, which 579 

preferentially removes 
13

C-depleted DIC from the brine. The isotopic fractionation 580 

factor (ε) calculated from the δ
13

C of pigments indicates that photosynthesis was more 581 

active in the lower salinity ponds (Fig. 5). The degassing of CO2(aq) due to a decrease 582 

in solubility induced by evaporation also removes 
13

C-depleted DIC from the brine (Li 583 

and Tsui, 1971; Stiller et al., 1985; Raven, 1991; Barkan et al., 2001). This process was 584 

active throughout the evaporation path. Thus, although these processes that remove 585 

13
C-depleted DIC from the brine could balance the DIC budget, there must be other 586 

processes supplying 
13

C-depleted DIC to explain the 
13

C-depleted δ
13

CDIC of the 587 

carbonate ponds. We propose several processes that may account for the supply of 588 

13
C-depleted DIC: 589 

(1) Because intensive photosynthesis and degassing due to evaporation remove 590 

CO2(aq) from the brine, some DIC must have been supplied by equilibrium with 591 

atmospheric CO2, which is relatively depleted in 
13

C (e.g. Keeling, 1958). 592 

Moreover, Baertschi (1952) suggested that 
13

C-depleted CO2 might be selectively 593 

dissolved into brine from the atmosphere under alkaline conditions (“the Baertschi 594 



effect”). As also suggested by Lazar and Erez (1992), this process may be 595 

responsible for the 
13

C-depleted DIC in the brine of the carbonate ponds. 596 

(2) A previous study excluded sulfate reduction releasing DIC in the form of HCO3
–
 597 

as the main cause of relatively low δ
13

CDIC of the brine because there was no 598 

substantial increase in [TA]/DEMg with increasing DEMg (Fig. 4; Lazer and Erez, 599 

1992). In the Trapani solar salterns, the changes in SO4
2–

 concentration suggest 600 

that the loss of SO4
2–

 through sulfate reduction was compensated for by sulfide 601 

oxidation, or else the rate of sulfate reduction was low (Fig. 3). As suggested in 602 

section 4.2.1, sulfate reduction coupled with sulfide oxidation cancels out 603 

increases in TA, but not DIC. Therefore, we cannot exclude the possibility that the 604 

13
C-depleted DIC was supplied by sulfate reduction. It may originate from the 605 

benthic microbial mat within the pond, or from the highly productive microbial 606 

communities in less evaporated, upstream ponds (Joint et al., 2002). Note that the 607 

actual amount of DIC that diffuses into the overlying brine is less than the amount 608 

mineralized from organic matter, because of restricted diffusion of DIC within the 609 

mat (Wieland et al., 2001) and on the mat surface (Jørgensen, 1994b). Indeed, 610 

Canfield and Des Marais (1993) suggested that a large proportion of mineralized 611 

DIC is fixed back into organic matter within the mat during the day, whereas it 612 



diffuses into the overlying brine at night. 613 

In the gypsum and halite ponds, δ
13

CDIC gradually increased to reach 7.2‰ in CU-5. 614 

This increase indicates that the biological processes that reduced the δ
13

CDIC of the 615 

car onate and gypsum ponds are suppressed in the halite ponds, and that δ
13

CDIC is 616 

primarily controlled by the degassing of CO2(aq) (Stiller et al., 1985). A reduced 617 

influence of biological activity on δ
13

CDIC is consistent with the discussion about the 618 

δ
13

C of pigments indicating that photosynthesis is more active in the lower salinity 619 

ponds. 620 

Another observation is that DIC concentrations and TA in CH-1 and CU-5 were 621 

higher than those found in the solar saltern of Eilat, Israel (Lazar and Erez, 1992). These 622 

higher concentrations might be because the biological processes that potentially 623 

accumulate DIC and TA were more intense in the upper-stream, lower salinity ponds of 624 

the Trapani solar salterns. Indeed, as in CU-5, DIC and TA in the upstream ponds (CU-1 625 

and CU-2) were also slightly higher than the values reported by Lazar and Erez (1992), 626 

suggesting that biological processes in the lower salinity ponds accumulated in and 627 

modified the chemical composition of higher salinity ponds. Alternatively, the higher 628 

DIC and TA in the Trapani ponds may be due to dissolution of calcium carbonate 629 

supplied by aerial transport, because experimentally evaporated seawater is known to be 630 



undersaturated with respect to aragonite (Lazar et al., 1983). 631 

 632 

5. CONCLUSIONS AND IMPLICATIONS 633 

In this study, we demonstrated that the isotopic fractionation factor (ε) calculated 634 

from δ
13

C of chlorophyll a and β-carotene, which originate from cyanobacteria and 635 

algae, increased linearly along an increasing salinity gradient in solar saltern ponds in 636 

Trapani, Italy. We ascribe this observation to the DIC-limited conditions within the 637 

microbial mats and gypsum crusts caused by restricted DIC diffusion from the overlying 638 

brine, and/or suppression of primary production with increasing salinity. Variations in 639 

the carbonate system parameters also indicate changing microbial activity along the 640 

salinity gradient. We propose that dissolution of atmospheric CO2 into the brine through 641 

intensive CO2(aq) uptake by photosynthesis and mineralization of organic matter by 642 

sulfate reduction may be the processes responsible for 
13

C-depleted DIC in the 643 

carbonate and gypsum ponds. In contrast, we attribute increases in δ
13

CDIC in 644 

subsequent ponds to the dominance of degassing of CO2(aq) with reduced microbial 645 

activity. 646 

One important reason for elucidating the carbon cycle of hypersaline environments is 647 

that such environments may have had a substantial impact on the global carbon cycle 648 



during massive evaporation events that repeatedly occurred worldwide in the geological 649 

past (e.g., Hay et al., 2006; Warren, 2010). This study and previous studies (e.g., Stiller 650 

et al., 1985; Lazar and Erez, 1992) have demonstrated that CO2 exchange between brine 651 

and the atmosphere is an important factor controlling the brine carbonate system during 652 

the evaporation of seawater. There is still some debate about the environmental setting 653 

(e.g., shallow vs. deep) and the extent of evaporation (e.g., total desiccation vs. 654 

non-desiccation) of the massive evaporation events in the past (e.g., the Messinian 655 

Salinity Crisis; Hsü et al., 1973; Roveri et al., 2014). However, further constraints on 656 

the evaporation model during these events, as well as the elucidation of the behavior of 657 

the carbonate system under various evaporative settings, will enhance our understanding 658 

of the role of hypersaline environments in the global carbon cycle. 659 
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Figure captions 901 

Fig. 1. Locations of the solar salterns investigated in this study. The aerial image is from 902 

Google Earth. 903 

 904 

Fig. 2. Photographs showing the appearance of the ponds and the bottom deposits. (a) 905 

carbonate pond; (b) bottom deposit of carbonate pond showing a slimy layer a few 906 

millimeters thick, which is composed of thin yellow, green, and pink layers on the 907 

surface, and black, loose deposits buried underneath; (c) gypsum pond; (d) gypsum 908 

crust from gypsum pond showing yellowish transparent, green, and pink layers, from 909 

the surface, and loose black deposits below; (e) halite pond; (f) halite crystals from 910 

halite pond. 911 

 912 

Fig. 3. Cross plots of the major ions of the Trapani brines (blue circles) along with the 913 

computer-modeled evaporation path of modern seawater (solid lines; Timofeeff et al., 914 

2001). Plotted for comparison are brine data from the Inagua crystallizer ponds 915 

(Bahamas) analyzed by McCaffrey et al. (1987) (blank triangles). 916 

 917 

Fig. 4. Variations in dissolved inorganic carbon (DIC) concentrations, total alkalinity 918 



(TA), δ
13

CDIC, and pH (blue circles), and DIC and TA normalized to the degree of 919 

evaporation calculated from magnesium concentrations (DEMg; red circles). The bars at 920 

the top of the figure show the precipitation ranges for calcium carbonate, gypsum, and 921 

halite. 922 

 923 

Fig. 5. Variations in δ
13

C of dissolved inorganic carbon (DIC, blue stars), total organic 924 

carbon (TOC, gray circles), chlorophyll a (green circles), and β-carotene (red circles), as 925 

well as the fractionation factor ε calculated from δ
13

C of TOC and pigments.  926 

 927 

Fig. 6. Depth profiles of δ
13

C of chlorophyll a (Chl a) originating from cyanobacteria 928 

and/or algae (green circles), bacteriochlorophyll a (BChl a) from purple sulfur bacteria 929 

(red circles), and total organic carbon (TOC, gray squares) in the microbial mats of the 930 

carbonate ponds (CU-1 and SS-3) and the gypsum crusts of the gypsum ponds (SS-1 931 

and CH-1). Blue circles indicate the δ
13

C of dissolved inorganic carbon (DIC) in the 932 

surface brine. CU, Culcasi; SS, Sosalt; CH, Chiusicella 933 

 934 

Fig. 7. (a) Cross plot of dissolved inorganic carbon (DIC) concentrations and total 935 

alkalinity (TA) normalized to the degree of evaporation based on magnesium ion 936 



concentrations ([DIC]/DEMg and [TA]/DEMg, respectively). Dotted black arrows A and 937 

B indicate changes due to utilization of HCO3
–
 and re-dissolution of CO2(g) by calcium 938 

carbonate precipitation during the transition from seawater (CU-0) to the carbonate 939 

pond (CU-1, DEMg = 2.7), respectively. Dotted red arrow C indicates the supply of DIC 940 

necessary to explain [DIC]/DEMg and [TA]/DEMg in CU-1. Solid arrows in the bottom 941 

right corner indicate the direction and slope of the following processes: (1) calcium 942 

carbonate precipitation, (2) photosynthesis and respiration, (3) sulfate reduction, (4) 943 

sulfide oxidation, (5) dissolution of atmospheric CO2, and (6) degassing of CO2(aq). (b) 944 

Close-up view of (a). Numbers next to the symbols are DEMg values. CU, Culcasi. 945 



Tables 1 

Table 1. Concentration of dissolved inorganic carbon (DIC) and its carbon isotopic 2 

composition (δ
13

CDIC), total alkalinity (TA), and pH of seawater and brine from the 3 

Culcasi (CU), Sosalt (SS), and Chiusicella (CH) solar salterns in Trapani, Sicily, Italy. 4 

Numbers in the sample names refer to individual ponds at the salterns. SWS, seawater 5 

pH scale. 6 

Sample 
Type of 

evaporite 

DIC 

(mmol L
–1

) 

TA 

(mmol L
–1

) 

δ
13

CDIC 

(‰) 

pH 

(SWS) 

CU-0 Seawater 2.04 2.68 2.2 8.2 

CU-1 Carbonate 1.25 3.40 –5.0 8.5 

CU-2 Carbonate 1.25 4.03 –10.6 8.5 

SS-3 Carbonate 1.00 3.85 –8.6 8.3 

SS-1 Gypsum 1.09 4.22 –8.2 8.2 

SS-2 Gypsum 1.31 4.73 –9.9 8.0 

CH-1 Gypsum 4.38 11.90 –3.2 7.5 

SS-4 Halite 3.06 9.24 –5.2 7.3 

CU-5 Halite 5.95 21.10 7.2 7.0 

Tables



Table 2. δ
13

C of chlorophyll a (Chl a), bacteriochlorophyll a (BChl a), and β-carotene 7 

extracted from deposits collected from the Culcasi (CU), Sosalt (SS), and Chiusicella 8 

(CH) solar salterns in Trapani, Sicily, Italy. Numbers in the sample names refer to 9 

individual ponds at the salterns. Analytical errors are based on replicate measurements 10 

of standard material. 11 

Sample 
Type of 

evaporite 
Layer Compound δ

13
C (‰) 

Error 

(2σ) 

CU-1-1 Carbonate Top slimy Chl a –11.5 0.23 

BChl a –19.7 0.23 

β-carotene –22.1 0.39 

SS-3-1 Chl a –20.1 0.15 

BChl a –23.4 0.15 

β-carotene –23.7 0.39 

SS-1-1 Gypsum Yellowish Chl a –17.9 0.23 

β-carotene –25.9 0.37 

SS-1-2 Green Chl a –17.0 0.23 

SS-1-3 Pink BChl a –20.6 0.23 

CH-1-1 Yellowish Chl a –20.6 0.15 

β-carotene –23.6 0.57 

CH-1-2 Green Chl a –18.6 0.23 

CH-1-3 Pink BChl a –26.3 0.23 

SS-4 Halite Bulk crystal β-carotene –25.8 0.15 

CU-5 β-carotene –28.5 0.37 
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